Introduction
[2] Characterizing groundwater flow in mountainous terrain poses significant challenges. Wells are scarce and costly, the bedrock aquifers are often structurally complex, and alpine climates are highly variable. Consequently, investigation of mountain groundwater systems has been limited, and fundamental questions regarding potential rates and depths of groundwater circulation within mountain masses remain unanswered. One motivation for improving our understanding of mountain groundwater flow is the need to better constrain mountain block recharge estimates. Mountain block recharge (MBR) is the subsurface transfer of water from the mountain block to an adjacent basin [Anderson et al., 1992; Wilson and Guan, 2004] . MBR is commonly believed to be a significant component of recharge to basin fill aquifers in the western United States [e.g., Feth, 1964; Huntley, 1979; McAda and Wasiolek, 1988 ], yet MBR estimates typically carry large uncertainties [Chavez et al., 1994; Manning and Solomon, 2004] . Of greatest concern is the possibility that MBR has been significantly overestimated in some areas. [3] We present an approach to determining the large-scale characteristics of a mountain block groundwater flow system, which control MBR, by utilizing primarily noble gas thermometry, groundwater age, and temperature data from an adjacent basin aquifer. Data from the southeastern Salt Lake Valley in northern Utah were used to place limits on recharge rate, hydraulic conductivity, and porosity estimates for the adjacent Wasatch Mountain block, thereby limiting the range of possible MBR rates. Recharge temperatures computed from noble gas concentrations provided constraints on the estimated fraction of water in the basin composed of MBR (MBR fraction). Groundwater age gradients indicated by 3 H/ 3 He ages were used to compute average linear flow velocities in the basin aquifer. A 3-D, finite element, flow and transport model of the basin and the mountain block was then employed to determine which mountain block flow regimes are consistent with the measured MBR fractions, flow velocities, and temperatures.
[4] This study had three objectives. The first was simply to test the hypothesis that MBR on a scale similar to existing Salt Lake Valley estimates (10 4 to 10 5 m 3 d
À1
[10 4 to 10 5 acre-feet yr À1 ]) is plausible. To our knowledge such MBR estimates have not been confirmed in any basin using any direct or robust approach. Manning and Solomon [2004] presented noble gas recharge temperature results that confirmed large MBR fraction estimates in the southeastern Salt Lake Valley, but large MBR fractions do not demand large MBR rates because other recharge components are also uncertain. Whether it is possible for a fractured rock mountain mass to conduct the magnitude of flow demanded by many existing MBR estimates remains a legitimate question. The second objective was to tighten constraints on estimated MBR for the southeastern Salt Lake Valley. The third objective was to better understand the mountain groundwater flow system by limiting average hydraulic conductivity, thickness, and porosity estimates for the mountain aquifer. Therefore this study was not focused toward deriving a single most probable mountain block flow regime and associated MBR estimate, but instead toward determining what is possible and not possible by ruling out those flow regimes that are clearly inconsistent with the tracer data.
Method Rationale
[5] Collecting hydrologic data from the basin fill aquifer rather than the mountain block itself has two advantages. First, most basin fill aquifers already contain numerous broadly distributed wells, whereas most mountain areas do not. Second, heterogeneities in the mountain block become integrated along flow pathways, meaning that groundwater collected after it has passed through the mountain block effectively carries an integrated tracer signal. This integrated signal should reflect the net or bulk behavior of groundwater in the mountain block. Given the high degree of heterogeneity typical of fractured rock aquifers, determining this bulk behavior with any confidence through direct sampling would require an unrealistic number of samples from discrete locations in the mountains. The large-scale behavior of the flow system is what must be characterized in order to constrain MBR on a basin scale.
[6] Recharge temperature (T r ) is the temperature at the water table at the time and location of recharge. Dissolved noble gas concentrations are a function of T r as well as the atmospheric pressure, i.e., the recharge elevation (H) [Stute and Schlosser, 2000] . Using inverse modeling, T r and H can be derived from measured noble gas concentrations [Aeschbach-Hertig et al., 1999; Ballentine and Hall, 1999] . This presents the possibility that noble gas concentrations could be used to directly determine H, which could provide information on the relative magnitude of MBR. Unfortunately, simultaneous estimation of both T r and H provides poor constraints on these parameters because they are highly correlated (the effect on dissolved gas concentrations of decreasing T r and increasing H nearly compensate each other). However, if H is known, the derived T r is well constrained [Aeschbach-Hertig et al., 1999; Ballentine and Hall, 1999; Manning and Solomon, 2003] . This means that if additional information is available that limits possible combinations of T r and H in the recharge area, noble gas concentrations may still be used to constrain H. In most cases, possible combinations of T r and H should indeed be limited because T r is correlated with the mean annual air temperature, which decreases with increasing elevation at a rate that usually is known.
[7] Manning and Solomon [2003] present an approach to deriving a reliable maximum T r (T rmax ), along with a most probable (though poorly constrained) T r , for cases where H is unknown that utilizes a measured relationship between T r and H in the recharge area. The value of T rmax in constraining MBR arises from the fact that it can be used to calculate a reliable minimum MBR fraction (X min ) by assuming simple two-component mixing between MBR and basin elevation recharge [Manning and Solomon, 2003 ]. Noble gas data from basin wells are therefore capable of placing constraints on the relative contribution of MBR to total recharge. Note that 18 O and 2 H data generally are incapable of doing so because stream infiltration that occurs in the basin near the mountain front and MBR both carry a depleted, high elevation signal.
[8] Basin groundwater ages were employed for two reasons. First, as with most intermountain basin fill aquifers, the considerable majority of water is believed to enter the aquifer at or near the mountain front, resulting in dominantly subhorizontal flow within the aquifer (Figure 1 ). Groundwater age should therefore increase with distance from the mountain front, and the associated age gradient should be a direct function of total recharge to and porosity (n) of the basin aquifer. Because n for unconsolidated sediments is a relatively well-constrained parameter compared to those typically used in recharge estimates, measuring age gradients has the potential to improve constraints on total recharge [Sanford et al., 2004] . Second, if recharge is composed mainly of MBR, the age of groundwater in the aquifer at the mountain front should be a function of the MBR rate, the mountain aquifer n, and thickness (z) of the mountain aquifer [Cook and Bohlke, 2000] . Ages at the mountain front therefore might be used to constrain mountain aquifer n for different values of z after the MBR rate has been constrained.
[9] Groundwater flow can significantly influence the thermal regime in the upper crust [Smith and Chapman, 1983] . Forster and Smith [1989] demonstrate that the temperature (T) distribution within a mountain block is sensitive to the fluid flux through the mountain block. The temperature of water discharging from a mountain block should be similarly sensitive to the fluid flux, meaning that groundwater T in the basin fill aquifer near the mountain front should vary with MBR. The rate at which T increases with distance from the mountain front should be a function of total recharge, with greater recharge resulting in higher flow rates and less warming along flow paths in the basin aquifer.
[10] We have adopted a simple conceptual model of the mountain block permeability structure in which the mountain aquifer has a relatively uniform hydraulic conductivity (K) and z (Figure 1 ). An overall reduction in permeability with depth in fractured bedrock has been widely observed [Freeze and Cherry, 1979, pp. 152-163; Ingebritsen and Manning, 1999] . Though very limited, existing data suggest that this is generally the case in mountainous terrain, resulting in a depth below which minimal groundwater circulation occurs (circulation depth) [Robinson et al., 1974; Tiedeman et al., 1998; Mayo et al., 2003; . The circulation depth (equivalent to z) in the mountain block should be a primary control on both the magnitude and origin of MBR (Figure 1 ). Greater circulation depths allow more of the water recharged in highelevation drainages behind the mountain front to flow to the basin as opposed to discharging locally in mountain streams. Greater circulation depths should therefore generally lead to higher MBR along with a larger percentage of MBR originating from higher elevations. A complete characterization of MBR must include determination of z along with the MBR rate.
Site Description and Background
[11] The Salt Lake Valley is an active rift basin located in northern Utah (Figure 2 ). It is semiarid with a mean annual precipitation of 30 to 50 cm, depending on location, and a mean annual air temperature of about 12°C [Hely et al., 1971] . Basin elevations are dominantly between 1300 and 1500 m, and adjacent mountains to the east and west rise to over 2700 m. This study focuses on MBR to the eastern side of the basin from the central Wasatch Mountains, which attain a maximum elevation of 3500 m (Figure 2 ). Mean annual precipitation in the Wasatch Mountains is 50 to 130 cm, depending mainly on elevation, and most precipitation falls as snow [Hely et al., 1971 ; Desert Research Institute's Western Regional Climate Center precipitation database, http://www.wrcc.dri.edu].
[12] The basin fill material consists of mostly consolidated Tertiary sediments overlain by mostly unconsolidated Quaternary sediments [Hely et al., 1971] (Figures 3 and 4) . Quaternary sediments are 100-300 m thick and Tertiary sediments are 200 -800 m thick throughout most of the basin. Production wells are screened within the principal aquifer, the deeper Quaternary sediments composed of sand and gravel interbedded with lenses of silt and clay. Except near the mountain front, the principal aquifer is overlain by a layer of fine-grained sediments that act as a confining layer. The principal aquifer is thus generally unconfined near the mountains and confined elsewhere in the basin. Where it is confined, the principal aquifer is overlain by a shallow unconfined aquifer typically <30 m thick. Groundwater in the basin generally flows from the mountain fronts toward the Jordan River near the axis of the basin, and then northward toward the Great Salt Lake (Figures 2 and 3) . The Jordan River is generally a gaining river throughout the basin [Hely et al., 1971; Waddell et al., 1987] . The geology of the Wasatch mountain block varies considerably within the study area [Bryant, 1990] and has been summarized by Manning and Solomon [2004] . Dominant rock types include granitic intrusive rocks, quartzites interbedded with shales, and mixed sedimentary rocks.
[13] Estimates based on calibration of basin groundwater flow models [Waddell et al., 1987; Lambert, 1995] suggest that MBR to the Salt Lake Valley is significant, constituting 45% of total recharge. Estimates by Hely et al. [1971] based on the disposal of mountain precipitation (mountain water balance) and hydraulic head gradients and transmissivities near the mountain front are consistent with the large modelderived MBR estimates. Uncertainties in these estimates are not provided by the original authors. However, Manning [2002] analyzed uncertainties in the data upon which the estimates are based, along with the potential effect of these uncertainties on the estimates. The simple error analysis suggested that the existing MBR estimates carry an uncertainty of at least 40%, and probably closer to 100%. Stream seepage accounts for only 5 -6% of recharge in existing groundwater flow models, but uncertainty in estimated stream seepage is also significant because it is based on stream gauging data complicated by numerous unmeasured inputs and diversions [Hely et al., 1971] . The remainder of the recharge budget mainly consists of valley precipitation (roughly 20%), unused irrigation water (roughly 20%), and canal water (roughly 10%) [Hely et al., 1971 ; Waddell et Major recharge and discharge components include 1, mountain recharge, which may become either mountain stream discharge or MBR; 2, mountain stream discharge; 3, MBR; 4, valley recharge, including infiltration from streams, precipitation, etc.; 5, discharge to wells; 6, discharge to basin river or lake or evapotranspiration by associated vegetation; 7, water that underflows river or lake and discharges at a location off of cross section. The shallow circulation case shown (small z) results in lower MBR rates, and nearly all MBR originates on the mountain front. (b) Deep circulation case (large z), which results in higher MBR rates; some MBR originates between mountain front and range crest. al., 1987; Lambert, 1995] . Seepage from these sources in combination with stream seepage will henceforth be referred to as valley recharge. According to Anderson et al. [1994] , the primary recharge area for the principal aquifer on the eastern side of the basin includes the Wasatch Mountains (topographic extent undefined) and the portion of the valley near the mountain front (typically 1 -3 km wide) where fine-grained sediments do not impede the downward movement of water (Figure 4) .
[14] This study focuses on the southeastern part of the basin (area south of Mill Creek in Figure 3 ) because most of the high-quality groundwater in the principal aquifer occurs in this area, along with the majority of production wells. In the most recently published basin flow model [Lambert, 1995] , MBR composes 64% of recharge to this part of the principal aquifer. Stable isotope data suggest that the majority of recharge originates as high-elevation precipitation [Thiros and Manning, 2004] , consistent with high MBR and/or stream loss fractions (note that light stable isotope values could result from either). Recently published noble gas recharge temperature data [Manning and Solomon, 2003, 2004] confirm that MBR, specifically, composes ! 50% of recharge in this area.
[15] Although these environmental tracers support high MBR fractions, the actual magnitude of MBR remains uncertain due to uncertainty in total recharge. Hely et al. [1971] , respectively. However, as previously mentioned, these estimates probably carry an uncertainty of at least 40%. Furthermore, the Little Cottonwood drainage is underlain mainly by granitic rocks with apparently low permeability, and the lower Big Cottonwood drainage contains shale units that should act as barriers to MBR, given their orientation (dominantly north striking/east dipping). The geology of the mountain block thus suggests that MBR may actually be very low in the southeastern part of the basin [Parry et al., 2000] . MBR to intermountain basins is commonly considered to be negligible based on low apparent bedrock permeabilities in the mountains [e.g., Stone et al., 2001; Prudic and Herman, 1996] . We therefore consider the range of possible MBR rates for the southeastern part of the basin to be from near 0 to about 2.4 Â 10 5 m 3 d À1 (140% of 1.7 Â 10 5 m 3 d À1 ), equivalent to about 20% of estimated total recharge for the Salt Lake Valley. Given the heavy dependence on this part of the principal aquifer for public water supply, a clear need exists to narrow this broad range of possible MBR rates. 2001 from 55 public supply wells located on the eastern side of the Salt Lake Valley (Figure 3 ). Information and data for the sampled wells that support Figures 5, 6 , and 7 are presented in Table S1 of the auxiliary material 1 . Details regarding the collection, analysis, and interpretation of noble gas and tritium samples along with a complete listing of analytical results are provided by Thiros and Manning [2004] and Manning and Solomon [2004] . Sampled wells are all screened in the principal aquifer. Screened intervals generally transect 40 -80% of the aquifer thickness, and are most often located in the middle and lower sections of the aquifer. Production rates of 500 -2000 gallons per minute (32 -126 L s À1 ) are typical.
Groundwater Temperature
[17] A thermistor with an accuracy of ±0.2°C was used to measure groundwater T during noble gas and 3 H sampling. Measurements were made in a flow-through vessel (flow > 10 L min À1 ) connected directly to the wellhead while the well was pumping 32-126 L s
À1
. Measured T ranged from 10.4°C to 20.0°C ( Figure 5 ). In general, T increases along flow lines from 12.5°C near the mountain front to !16°C near the Jordan River. An exception to this trend is the portion of the basin extending outward from the Parleys Creek and Mill Creek drainages where T is !16°C from the mountain front to the river.
[18] Figure 6a shows the clear correlation (r 2 = 0.76) between well T and distance from the mountain front for wells located within the modeled region ( Figure 2 ). These well temperatures display little correlation (r 2 = 0.07) with screen depth (Figure 6b ). Eight wells in the modeled region (16, 23, 30, 33, 36, 37, 44, and 55) were excluded from Figure 6 because the noble gas recharge temperature data suggest that they are probably drawing in water from the shallow unconfined aquifer above the principal aquifer (see section 4.2), meaning that their temperatures might not be representative of the general temperature distribution in the principal aquifer.
MBR Fractions
[19] Measured dissolved concentrations of Kr, Ar, Ne, and N 2 were used to derive T rmax and X min for 44 of the 55 wells. The spatial distribution of X min is presented in Figure  S1 of the auxiliary material. Manning and Solomon [2003, 2004] present all dissolved gas analytical data, a detailed discussion of the method used to derive T rmax and X min , and the spatial distribution of T rmax . In the modeled region, X min values generally exceed 0.45 ( Figure S1 ), and probable MBR fractions (derived from most probable, though poorly constrained, T r values) mostly range from 0.7 to 1.0 [Manning and Solomon, 2004, Table 1 ]. Wells 16, 30, 33, 36, 37, 44 , and 55 have X min values substantially lower (by at least 0.2) than wells located directly up gradient. This is probably the result of these wells drawing water from the shallow unconfined aquifer down through the confining layer into the principal aquifer as a result of pumping [Thiros and Manning, 2004] . The locally recharged water from the shallow unconfined aquifer has a higher T r , driving X min down.
Groundwater Age
[20] Apparent groundwater age was determined for all 55 wells using the 3 H/ 3 He method [Schlosser et al., 1988 [Schlosser et al., , 1989 Solomon and Cook, 2000] (Figure 7) . A complete list of age-related analytical results and details regarding the calculation of 3 H/ 3 He ages is given by Manning et al. [2005] . The 1s uncertainties in the apparent ages are 1 to 1.5 years [Manning, 2002] . The apparent age distribution in the principal aquifer ( Figure 7 ) displays a general pattern of increasing age with distance from the mountain front, as expected. The primary exception is an area of young water (<20 years old) in the middle of the study area cored by wells 23, 33, and 36; ages from these wells Figure 3 . Location of sampled public supply wells. Potentiometric surface contours show general direction of groundwater flow in the principal aquifer [Waddell et al., 1987] . A-A 0 denotes location of hydrogeologic cross section in Figure 4 .
are 5 -15 years younger than ages from wells located immediately to the east, closer to the mountain front. This local reversal of the regional age gradient is consistent with the X min results, which indicate that wells in this area are drawing in locally recharged water from the shallow unconfined aquifer.
[21] Because the well screens are long, the sampled waters likely contain a mixture of waters with different ages. The manner in which mixing complicates the interpretation of apparent 3 H/ 3 He ages has been discussed by several authors [e.g., Jenkins and Clarke, 1976; Zuber, 1982, 1983; Hofer et al., 2002; Manning et al., 2005] . The primary concern is potential mixing between water recharged before 1950 (prebomb water), when atmospheric tritium concentrations began rising due to aboveground thermonuclear testing, and water recharged after 1950 (modern water). The apparent age of such mixtures is approximately the age of the modern fraction, regardless of the age or magnitude of the prebomb fraction, meaning that the apparent age can be significantly younger than the true mean age. Constraints can be placed on the magnitude of the prebomb fraction in a sample by comparing the initial 3 H concentration of the sample (measured 3 H + measured tritiogenic 3 He) to that of local precipitation at the apparent time of recharge (apparent age). Manning et al. [2005] utilize this approach to sort samples from the eastern Salt Lake Valley into three categories (Table S1 ):
(1) M-type samples, which contain !80% modern water; (2) M/P-type samples, which are mixed; and (3) P-type samples, which contain !80% prebomb water. Only Mtype samples were used in the average linear velocity (v) calculations below because their apparent 3 H/ 3 He ages should reflect the age of the considerable majority of water in the sample.
[22] However, the modern fraction in the M-type samples is probably also mixed. Potential discrepancies between apparent 3 H/ 3 He age and true mean age for samples composed of modern waters of different ages have been evaluated for specific mixing models [Maloszewski and Zuber, 1983; Aeschbach-Hertig et al., 1998; Hofer et al., 2002] . However, the applicability of a given mixing model is highly uncertain in all but the simplest aquifer systems. To more thoroughly evaluate potential age discrepancies, Manning et al. [2005] performed a modeling experiment in which synthetic samples were generated composed of randomly mixed modern waters. Comparison of apparent 3 H/ 3 He age and true mean age for these synthetic samples revealed that, for waters with apparent ages 20 years like the M-type samples used to calculate v: (1) apparent ages may be greater than, but not less, than mean ages; (2) potential discrepancies increase with increasing apparent age, from about 2 years for a sample with an apparent age of 5 years to about 10 years for a sample with an apparent age of 20 years. The magnitude of these potential discrepancies raises concerns regarding potential errors in age gradients near the mountain front used to calculate v. However, the pattern of the potential discrepancies means that significant differences between apparent and mean age, if they exist, will probably result in apparent age gradients that are steeper than true age gradients near the mountain front, but not the opposite. Erroneously steep age gradients would result in erroneously low v values. As explained in sections 5.2.2 and 6.2 below, the v values were used to derive a lower limit on MBR, not an upper limit. Because erroneously low v values would result in an erroneously low derived MBR rate, the likelihood of the true MBR rate being less than the derived minimum rate remains low, meaning that the derived minimum rate should still be robust. Figure 3 . Vertical exaggeration is 5 times. Well identification numbers correspond to those in Figure 3 . Lines are dashed where inferred. Cross section was constructed using information from Lambert [1995] , Anderson et al. [1994] , and individual well logs.
[23] Average linear velocity was calculated for pairs of wells yielding M-type samples in the southeastern part of the basin (Table 1 and Figure 7) . As with the temperature distribution, wells that appear to be receiving water from the shallow unconfined aquifer above as a result of pumping according to X min values (wells 23, 30, 33, 36, and 44) were excluded. Ages from these wells may be effectively contaminated by younger water from the unconfined aquifer above and therefore may not be representative of the general age distribution in the principal aquifer. Well pairs were selected by coupling a given well (up-gradient well) with the well located closest to it in the down-gradient direction (down-gradient well). In cases where two wells qualified equally as down-gradient wells for a given up-gradient well, two well pairs were created that include the same upgradient well. Wells 11 and 53 were considered a single well (ages and locations averaged) because of their close proximity and similar ages. Uncertainties in the v values resulting from uncertainties in the apparent ages (not including potential discrepancies between apparent and mean age) were determined using a Monte Carlo approach with 10,000 realizations of each v calculated (Table 1) . The reported uncertainty is the 68% confidence interval, equivalent to a 1s uncertainty for a normal distribution. Eight of the 11 derived v values are fairly similar, ranging from 130 to 358 m yr À1 (mean = 272 m yr À1 ). This is in general agreement with the median v of 334 m yr À1 computed by Freethey et al. [1994] for the area extending out from the Big and Little Cottonwood drainages using estimated distributions of K, n, and head gradient. The remaining three v values are considerably higher than the rest, ranging from 872 to 2602 m yr
À1
, and have much larger uncertainties because the difference in age between up-and downgradient wells used to derive these v values is small compared to uncertainties in the apparent ages.
[24] One concern about the above approach is that valley recharge between up-gradient and down-gradient wells will lead to erroneously high calculated v values. The addition of very young water between the wells would decrease the age at the down-gradient well, resulting in a lower age gradient and an apparent v higher than the true v. Most valley recharge probably occurs in the primary recharge area (PRA), which typically extends 1 -3 km out from the mountain front on the east side of the valley [Anderson et al., 1994] . To address this concern each well pair was assigned a ''PRA factor'' (Table 1) : 1, both wells in the PRA; 2, up-gradient well only in the PRA; 3, neither well in the PRA. If the addition of valley recharge significantly influences calculated v values, then v values should be inversely correlated with the PRA factor. Simple inspection of Table 1 reveals that this is not the case; in fact, two of the three pairs with a PRA factor of 1 have v values below the mean. We therefore believe that errors in v resulting from valley recharge are not significant in comparison to other potential sources of error. Note that the result of this analysis is consistent with the probable MBR fractions (0.7 to 1.0) mentioned in section 4.2, which suggest that valley recharge probably constitutes <30% of total recharge.
Modeling Approach
[25] The model represents the southeastern portion of the basin and the adjacent mountain block up to the range crest (Figure 2 ). Groundwater flow and solute transport were simulated using FEMWATER [Yeh, 1987] . FEMWATER is a 3-D, finite element, saturated-unsaturated code that simulates both flow and solute transport in porous media. A saturated-unsaturated code was needed to derive the water table elevations in the mountains, which are known only in the vicinity of perennial streams. An ability to simulate solute transport was required in order to model temperature (see section 5.3) and age distributions.
[26] The fractured rock mountain aquifer is represented in the model as an isotropic, homogeneous, equivalent porous medium with uniform recharge rate, z, and n. Clearly, it is not in actuality. However, the relative smoothness and consistency of the T and age distributions in the principal aquifer in the modeled region (Figures 5 and 7) suggest that, at the scale of this model, the mountain aquifer may be sufficiently uniform to be represented as such. The objective of the modeling with regard to mountain recharge, K, z, and n is to place constraints on their average values applicable on a mountain block scale. A summary of the modeling process described below is provided in Table 2 .
Finite Element Mesh
[27] A 3-D mesh consisting of 20,790 elements was constructed that constitutes a representative section through the modeled region (Figure 8 ). The representative section is generally parallel to the path of regional groundwater flow, extending from the range crest to the Jordan River. A 3-D mesh was required in order to allow groundwater to flow perpendicular to the regional flow direction and discharge into the primary mountain streams. First-order patterns in the topography in the modeled region are sufficiently consistent to justify the highly generalized mesh, particularly given the broad nature of the modeling objectives. The mesh effectively contains a single drainage (two half drainages) whereas the modeled region contains 2.5 drainages. All flow volumes referred to henceforth are for the model mesh unless otherwise noted, and must be multiplied by 2.5 to be applicable to the modeled region. Tests were performed to confirm that model results were relatively insensitive to increased mesh depth and refinement level Manning [2002] . Tables and Stream  Discharge [28] The first step in the groundwater flow simulation was to determine combinations of mountain recharge rate, mountain aquifer K, and z that yield acceptable mountain water tables and stream discharge rates (Table 2) . A series of steady state, flow-only simulations were performed in which these three parameters were varied. Boundary conditions included constant head at the Jordan River, variable flux in the recharge area, and no flow elsewhere, including the top of the model in the valley where the principal aquifer is overlain by the shallow confining layer (Figure 4) . The variable flux boundary condition allows a specified flux to enter the model until the water table intercepts the ground surface, at which point the boundary condition switches to a constant head equal to the ground surface elevation. Discharge can therefore occur in low areas, simulating stream discharge. This capability was necessary because simulated mountain water table configurations were accepted or rejected based in part on the location of perennial stream flow. Recharge in the model constitutes groundwater that becomes either streamflow or MBR; groundwater that is evapotranspired in the recharge area was not modeled. Early test runs were performed in which valley recharge was allowed to vary from 0 to 50% of total recharge, based on the MBR fractions discussed in section 4.2, with an upper limit of 3. ) to generate flow distributions in the principal aquifer that could be directly utilized in the subsequent modeling step described below in section 5.2.2. Discharge to valley wells was not included in this modeling step because early tests also revealed that the mountain water table and MBR were insensitive to whether water discharges from the principal aquifer via wells or via the Jordan River.
[29] The model is divided into three primary hydrogeologic units: Quaternary fill, Tertiary fill, and bedrock ( Figure 9 ). The composition of these units is described above in section 3. Contacts between these units are based mainly on information presented by Lambert [1995] . The shallow unconfined aquifer was not modeled because flow through the underlying confining layer is minimal in most areas. Initial test runs were performed in which K for the principal aquifer was allowed to range from 1 to 50 m d
À1
based on aquifer test data of Hely et al. [1971] and model calibration results of Lambert [1995] . Few K measurements are available for the underlying Tertiary fill, though these sediments are known to be ''relatively impermeable'' compared to the principal aquifer [Hely et al., 1971, p. 107] . In the test runs, K for the Tertiary sediments was therefore allowed to vary freely, but with the limitation that it must be at least one order of magnitude less than the principal aquifer. The test runs demonstrated that varying these K values had little effect on the mountain water table, MBR rates, and v in the principal aquifer. Hydraulic conductivity was therefore fixed at 30 and 0.1 m d À1 for the principal aquifer and Tertiary fill, respectively, for the remainder of the flow modeling.
[30] The bedrock transmissivity was allowed to vary in two ways. First, z was varied. Aquifer thicknesses of approximately 200 m, 500 m, 1000 m, and 2000+ m (full model thickness) were simulated ( Figure 9) . Second, the mountain aquifer K was varied. No attempt was made to derive truly representative unsaturated zone parameter curves. However, in theory, the steady state saturated zone flow field should be relatively insensitive to variations in the unsaturated zone parameter curves, and preliminary tests confirmed this assumption.
[31] Modeled stream flows between 2 Â 10 4 m 3 d À1 and 6 Â 10 5 m 3 d À1 were considered acceptable based on mean monthly streamflow data of Hely et al. [1971] . The low end of this range corresponds to the minimum allowable base streamflow for the model. The high end of this range corresponds to the maximum allowable total streamflow for the model, computed from mean monthly flows for all months of the year, not just base flow months. This highend limit was used instead of the maximum allowable base streamflow(6 Â 10 4 m 3 d À1 ) for the following reason. Simulating MBR associated with only base flow conditions assumes that water levels in the deeper groundwater flow system that produces base flow and MBR do not rise in response to melting of the snowpack in the spring, perhaps because infiltration to this system is permeability-limited so that it is recharged at a relatively constant rate throughout the year. This may be the case, particularly given that mean monthly flow data for the three creeks in the modeled region display a rapid recession of the spring meltwater peak followed by a relatively constant base flow [Hely et al., 1971] . However, given the lack of relevant data, it remains possible that infiltration to the deeper groundwater system does increase in the spring, causing water levels to rise, gradients between the mountain block and the basin to steepen, and MBR rates to increase. Using total streamflow as the maximum allowable streamflow for the model allows for this case, and therefore should produce a more robust upper MBR limit.
[32] Acceptable mountain water tables had to be sufficiently high to generate streamflow in the secondary drainages on the north side of the model, as is observed throughout the modeled region [Manning, 2002] . The mountain water table could not be so high, however, as to generate widespread discharge at nodes located above the drainage bottoms during base flow conditions. Hydraulic head levels in the principal aquifer were not utilized as a constraint because initial test runs demonstrated that K in the principal aquifer could be adjusted within allowable limits (1 -50 m d À1 ) to maintain reasonable head levels in the principal aquifer for the full range of possible MBR rates.
[33] For each z case (200 m, 500 m, etc.), lower and upper limits on MBR were derived when stream flows reached their minimum and maximum allowable levels, respectively. The MBR rate is positively correlated with the streamflow because higher streamflows are generated by higher mountain recharge rates, which in turn generate higher MBR. Limits on K for the mountain aquifer were determined using allowable base stream flows because the 
Step 2: Identification of Flow Fields With Acceptable v Values
[34] The second step of the flow simulation was to determine which flow fields derived in the first step yield acceptable v values in the principal aquifer (Table 2) . For each modeled flow field (model run), v was calculated at 20 evenly distributed x-y locations, or node stacks (henceforth termed control points), in the principal aquifer. Control points were located within 5 km of the mountain front like the wells used to calculate v. At each control point, a mean v was derived from individual v values determined at different depths in the principal aquifer (individual nodes) using the modeled q distribution and the relationship v = q/n, where q is the specific discharge and n is the porosity of the principal aquifer. For simplicity, only the y component of q was used (Figure 8 ) because it is at least an order of magnitude larger than the other components.
[35] A porosity of 0.2 was initially assumed in deriving model v values based on Freethey et al. [1994] . However, it became apparent that v could constrain the lower limit of MBR, but not the upper limit (see section 6.2); even the highest conceivable MBR rates were consistent with measured v when n = 0.2. In subsequent model runs performed to define the lower MBR limit, a minimum n of 0.1 was assumed. This is based on the presence of thick (>5 m) clay layers within the aquifer in which little groundwater flow occurs relative to the screened coarser material. Well construction information for wells in the modeled region indicates that typically 20 to 60% of the total screened interval consists of blank casing installed within clay-rich layers, so the maximum volume of the principal aquifer occupied by the clay layers is about 50% [Manning, 2002] . These layers can thus be accounted for by reducing the porosity of the principal aquifer by up to 50%. In reality, some exchange of 3 H and 3 He between fast moving water in the coarser material and effectively stagnant water in the clay layers (which actually have a greater porosity than the coarser material) does occur by diffusion. However, given diffusion rates of 3 H and 3 He, the clay layers are sufficiently thick such that the impact of this exchange on 3 H/ 3 He ages should be minimal [Cook et al., 1996] . Along with minimizing n, valley recharge was maximized to 50% of the total recharge, but kept below 3.4 Â 10 4 m 3 d À1 (see section 5.2.1), in order to maximize modeled v and define a robust lower MBR limit. Discharge to wells was not included in these model runs because test runs indicated that well discharge has a minimal impact (<5% decrease) on v near the mountain front where control points are located.
[36] A c 2 test was used to quantify the misfit between measured and modeled v, where
and i is the number of comparisons between measured and modeled values, a meas is the measured value, a mod is the modeled value, and s is 1s uncertainty of a meas . The probability that a given model does indeed represent a given data set can be determined from the c 2 probability distribution, a function of the number of degrees of freedom in the problem. In this case, i = number of control points (20) ). The measured mean v does not include the three v values that are considerably higher than the rest (Table 2 ) because these higher values are likely associated with discrete high-v zones, and the model is only intended to represent general conditions in the principal aquifer. Furthermore, given that the objective is to derive a reliable lower MBR limit, the exclusion of these three v values is a more conservative approach because their inclusion would increase the measured mean v, which would in turn increase the derived lower MBR limit. However, it should be recognized that discrete high-v zones probably exist and are not accounted for in the model, increasing the likelihood that the true MBR rate is greater than the derived lower limit. The 1s uncertainty of the measured mean v was derived using a Monte Carlo approach (10,000 realizations), and it results from both the uncertainty in individual measured v values and from the variation between different measured v values (Table 1) . Mountain recharge was the single free parameter controlling v in the derivation of the lower MBR limit for each z case. The number of degrees of freedom was therefore 19, equal to the number of control points (20) minus the number of free parameters (1). Model runs with a probability of 0.10 (c 2 ! 27.2) were considered unacceptable.
Heat Flow Simulation
[37] Heat transport was also simulated (Table 2) using FEMWATER, treating heat as a solute. A coupled heat and fluid transport code was not used because the decision to simulate heat transport was made in the middle of the modeling process, after the FEMWATER model was built, when it became apparent that v would not constrain the upper limit of MBR. Treating heat as a solute is possible because the advection-dispersion equation governing solute transport and the conduction-convection equation governing heat transport have fundamentally the same form. Details regarding the modification of solute transport parameters that allow FEMWATER to compute T are given by Manning [2002] . Transient model runs were performed in which T was computed at successive time steps until T values stabilized within 0.1°C. Unfortunately, heat transport simulations typically required about 24 hours of CPU time with a single 1.4 GHz AMD Athlon processor, so only a limited number of heat transport runs could be performed.
[38] Following previous thermal modeling of the Wasatch Mountains [Ehlers and Chapman, 1999; Ehlers, 2001] , thermal parameters were assigned the following values: bedrock effective thermal conductivity (k e ) is 3 W m . Quartzite composes a substantial portion of the mountain block in the modeled region [Bryant, 1990] , which probably has a k e closer to 6 W m À1°CÀ1 [Ehlers, 2001] . A test was therefore performed in which the bedrock k e was raised to 6 W m
À1°CÀ1
, but resulting changes in modeled T in the principal aquifer were <0.5°C.
[39] One shortcoming of the input structure used is that the fluid density and viscosity do not vary with T, meaning that heat and fluid flow are not coupled. Smith and Chapman [1983] demonstrate that this approach results in less perturbation of the conductive thermal field, probably due to the lack of decreased viscosity (thus increased K) at depth where T is elevated. Computed temperatures are therefore generally warmer, except at the discharge location, than in the fully coupled case. As noted above, the primary motivation for performing the thermal modeling was to constrain the upper limit of MBR. This limit corresponds to the point at which T values in the principal aquifer become unacceptably cool due to too much fluid flow (see section 6.3). Our approach is therefore conservative, potentially generating a higher MBR ceiling than the fully coupled case, but not a lower one. As a check, FEMWATER was used to perform two of the fully coupled 2-D heat and fluid flow simulations presented by Forster and Smith [1989] . Discrepancies in the part of the flow field of interest in this study (0°C to 20°C waters at depths <2 km) were sufficiently small, and, most importantly, consistently in the right direction, to justify the uncoupled approach adopted here.
[40] Boundary conditions include constant T (elevationdependent) at the land surface and constant heat flow at the base of the model. Internal heat production was ignored, but at flow rates on the scale of cm yr À1 characteristic of the active flow zone, the influence of heat production on the T field should be negligible [Cermak and Bodri, 1995] . Maximum values of mean annual surface ground temperature (T s ) and basal heat flow were used in most of the thermal model runs, the purpose of which was to define the upper limit of MBR (i.e., maximum plausible T fields were desired). In thermal models of mountainous areas, T s is typically assumed to be 0°C to 3°C above the mean annual air temperature (T a ) based on direct measurements of shallow ground temperatures [e.g., Kohl et al., 2001; Birch, 1950; Ehlers and Chapman, 1999] . However, T s determinations from borehole T logs [Moran, 1991] and noble gas T r values for spring waters [Manning and Solomon, 2003] together indicate that T s in the Wasatch Mountains ranges mainly from 0°C to 4°C below T a , with a mean of about 2°C below T a (Figure 10) . A maximum T s equal to T a was therefore assumed. This assumption is further supported by discharge temperatures from Wasatch Mountain springs [Manning and Solomon, 2003] , which are on average close to T a ( Figure 10) ; T s typically should not exceed groundwater discharge T. A maximum basal heat flow of 105 mW m À2 was assumed in this study based on 23 surface heat flow determinations from along the Wasatch Front compiled by Ehlers and Chapman [1999] .
[41] Groundwater discharge to wells in the principal aquifer was included in the thermal model because the resultant decrease in v with increasing distance from the mountain front should influence the T field. A total well discharge of 1.5 Â 10 4 m 3 d À1 was assumed based on the work of Lambert [1995] , who estimated that well discharge composes 33% of total discharge in the Salt Lake Valley. Initial thermal modeling revealed that minimizing valley recharge resulted in better fits between measured and modeled T for the range of MBR rates modeled here due to lower v and thus warmer T, particularly farther out from the mountain front. Valley recharge was therefore minimized (but an acceptable v was maintained) for the thermal model runs used to define the upper limit of MBR. Note that K for the principal aquifer and Tertiary fill was not varied (same values were used as in the flow simulations) because initial test runs indicated that the T distribution in the principal aquifer was insensitive to changes in these K values.
[42] Temperature distributions were computed for selected flow fields derived in the first step of the flow simulation. The flow-weighted T was derived and compared to measured T at 13 distances from the mountain front (control distances) located at approximately 1 km intervals. As with v, a c 2 test was used to quantify the misfit between measured and modeled T. In this case, i is number of control distances (13), a meas is measured T, a mod is modeled T, and s is one standard deviation from the least squares regression line through the T data in Figure 6a (0.8°C). Mountain recharge was the single free parameter controlling T in the derivation of the upper MBR limit for each z case. Therefore there are 12 degrees of freedom, equal to the number of control distances (13) minus the number of free parameters (1). Model runs with a probability of 0.10 (c 2 ! 18.5) were considered unacceptable.
Groundwater Age Simulation
[43] Age simulations were performed to determine maximum and minimum values for the mountain aquifer n ( Table 2 ). The age of groundwater in the principal aquifer adjacent to the mountain front was modeled by simulating the transport of a radioactive solute with an arbitrarily assigned half-life of 100 years. The solute enters the model at a constant concentration wherever recharge occurs. A transient model run is performed in which solute concentrations are computed at successive time steps until the concentrations stabilize. Ages are then derived from this steady state concentration distribution using the radioactive decay equation. [44] Age distributions were therefore computed for acceptable flow fields (based on the flow and heat simulations) with the largest and smallest ratios of mountain recharge to z, these yielding the maximum and minimum mountain aquifer n, respectively. The mountain aquifer n was varied for these two flow fields until ages in the principal aquifer adjacent to the mountain front were unacceptable. Measured ages for wells within 2 km of the mountain front in the modeled region range from 3 to 19 years, most being 5 to 15 years, so ages were considered unacceptable if they were consistently <5 years or >15 years.
Results
[45] Modeling results are summarized in Table 3 and Figure 11 . The two characteristics of the mountain block flow system of greatest interest here are the MBR rate and the circulation depth, z. Table S2 of the auxiliary material.
Groundwater Flow Simulation:
Step 1
[46] Observed rates and locations of mountain streamflow placed limits on mountain recharge rate, mountain aquifer K, and MBR for given values of z (Table 3 and Figure 11 ).
Derived upper and lower limits for mountain aquifer K are 1.37 Â 10 À2 and 17.00 Â 10 À2 m d À1 (1.6 Â 10 À7 and 2.0 Â 10 À6 m s À1 ), respectively. Streamflow data did not provide upper and lower limits on mountain recharge rate and MBR for each z, only upper limits for z = 200 and 500 m, and a lower limit for z = 2000+ m. Upper limits were provided by total flows, and lower limits by base flows. For the case of z being unknown, streamflow data provided no limits on MBR. However, the streamflow data do rule out a significant portion of the solution space in Figure 11 , and are therefore still potentially valuable in the effort to constrain MBR and z.
Step 2
[47] Measured v values placed lower limits on mountain recharge and MBR, but not upper limits (Table 3 and Figure 11 ). The derived lower limit of MBR is 2.2 Â 10 4 m 3 d À1 for all z. The ability of the age data to rule out lower MBR rates is particularly valuable for the smaller z cases in which streamflow data are incapable of doing so. Measured v values are incapable of constraining an upper limit for MBR because the effect of increasing MBR can be counterbalanced by increasing n for the principal aquifer to 0.2, such that v remains acceptable even at the highest possible MBR rates (run 38 in Figure 11 ).
Heat Flow Simulation
[48] Groundwater T data placed upper limits on mountain recharge and MBR, but not lower limits. The derived upper MBR limit varies with z, ranging from 3. (Figure 12 ). The T data eliminate nearly the entire upper half of possible MBR rates, making heat flow modeling a powerful tool in constraining the mountain block flow system. Of greatest value is the ability of the T data to rule out high MBR rates for the larger z cases where the streamflow rates are incapable of doing so. The heat flow modeling does not constrain the lower MBR limit because the effect of lowering MBR can be counteracted by decreasing T s for the mountains to T a À 2°C, and by decreasing basal heat flow to 90 mW m À2 (run 2 in Figure 11 ), both still being possible boundary conditions [Manning and Solomon, 2003; Ehlers and Chapman, 1999] .
Groundwater Age Simulation
[49] Limits on mountain aquifer n derived using the age data adjacent to the mountain front are 0.001 and 0.09, respectively (Table 3) . Lower and upper limits were derived using the flow fields in model runs 32 (z = 2000+) and 8 (z = 200 m), respectively (Figure 11 ), the acceptable runs with the lowest and highest ratios of mountain recharge to z. Run 8 is actually just outside the acceptable range based on the T data, but is sufficiently close to the edge to provide a close approximation of the upper limit of n. These limits therefore apply to the case where z is unknown.
All Modeling Combined
[50] Unfortunately, the stream flow, groundwater age, and T data provided no constraints on z, so z remains unknown. Combining all of the modeling results provides the following parameter limits for our present case in which z is Figure 12 . Examples of acceptable and unacceptable modeled temperature distributions in the principal aquifer. The runs shown are 24 (acceptable) and 37 (unacceptable) in Table S2 and Figure 11 ). The streamflow data, groundwater ages, and T data combined indicate that MBR to the southeastern Salt Lake Valley exceeds 5.5 Â 10 4 m 3 d À1 despite the fact that the adjacent mountain block is composed largely of crystalline rock with apparently low permeability. Our results therefore suggest that assumptions of insignificant MBR based solely on geological arguments are questionable.
Derived Limits on MBR
[52] We consider the range of possible MBR rates for the southeastern Salt Lake Valley based on prior estimates to be from near 0 to about 2.4 Â 10 5 m 3 d À1 (see section 3). The tracer-based approach used in this study reduces the size of this range by about 70% (Figure 11 ) to 5.5 Â 10 4 to 12.6 Â 10 4 m 3 d
À1
, suggesting that this approach holds considerable promise in the effort to improve constraints on MBR. Assumptions made in the modeling process that could have a significant influence on derived MBR limits were made conservatively, leading to a broader rather than a narrower range of allowable MBR rates. We therefore believe that it is unlikely that the true MBR rate falls outside of the derived range, and consider the derived MBR limits to be relatively robust.
[53] Previous MBR estimates for the southeastern Salt Lake Valley by Lambert [1995] and Hely et al. [1971] are at or above the upper limit of MBR determined here ( Figure 11) ; our range of possible MBR rates is about 50-100% of the estimate of Lambert [1995] . Therefore MBR (and thus total recharge) in the modeled region is probably less than previously estimated.
Mountain Aquifer Characteristics
[54] Derived limits on the mountain recharge rate, mountain aquifer K, mountain aquifer n, and z are presented in Table 3 and section 6.5. T he upper end of the derived range of mountain recharge rates is similar to the range of recharge rates estimated by Hely et al. [1971] for the mountain drainages in the modeled region using a water balance method (1.4 Â 10 À3 to 2.4 Â 10 À3 m d
À1
). Recall that these mountain recharge rates include water that discharges to streams and exclude water that is evapotranspired in the recharge area. The derived range of mountain aquifer K values (10 À7 to 10 À6 m s
) is a reasonable range for kilometer-scale flow in fractured crystalline rock [e.g., Tiedeman et al., 1998 ]. Modeled mountain aquifer n values are effective porosities, meaning that they may be the total porosity, the fracture porosity, or an intermediate value depending on the mean groundwater residence time, the fracture spacing, and the rate of diffusion of the tracer into the matrix [Cook et al., 1996] . Given the high groundwater flow velocities in the system relative to diffusion rates, we suspect that groundwater ages are only minimally influenced (made apparently older) by diffusive exchange with older immobile water in the rock matrix. Therefore the modeled mountain aquifer n probably more closely represents the volume of mobile water in the mountain aquifer than the total volume of water in the mountain aquifer.
[55] Our approach was not successful in constraining z (Figure 11 ), leaving a fundamental characteristic of the mountain block flow system unknown. The area in the mountain block where MBR principally originates therefore remains uncertain. The model can be used, however, to quantify the fraction of water that may originate on the mountain front versus behind the mountain front (between the mountain front and the range crest) in the case of different z. For the 200 m, 500 m, 1000 m, and 2000+ m z values examined in this study, 90%, 72%, 49%, and 43% of MBR, respectively, originates on the mountain front, a disproportionate amount in all but the largest z case.
[56] Although z remains unconstrained, the modeling does identify important correlative conditions for shallow and deep circulation. For z values of 200 and 500 m, stream flows exceed observed base flows when MBR rates are in the allowable range. Therefore, if z is indeed 500 m, then MBR, like stream flow, should exhibit a distinct seasonal cycle. For z values of 1000 and 2000+ m, the conductive heat flow field in the mountain block must be severely perturbed ( Figure 13 ). For z = 2000+ m, T remains <5°C to depths of 1 to 2 km throughout most of the mountain block ( Figure 13 ). Although such severe perturbations are conceivable, we are unaware of any published data supporting their existence. In contrast, temperatures in the mountain block at a depth of about 1 km were dominantly 20 to 25°C for z = 200 m. These temperatures are similar to those observed in long tunnels and deep boreholes in the Alps [Bodri and Rybach, 1998; Kohl et al., 2001] and in the Colorado Front Range [Birch, 1950; Decker, 1969] . Whereas geologic conditions north of Big Cottonwood Creek appear potentially conducive to deep circulation, geologic conditions south of Big Cottonwood Creek do not [Manning and Solomon, 2004] .
Method Improvements
[57] The tracer-based method of estimating MBR presented here could be improved upon in several ways. Use of a less simplified model mesh that more accurately depicts the modeled region would allow more direct comparison between measured and modeled values at specific locations, and would likely improve constraints on MBR yet further. As alluded to in section 7.3, T at depth in the mountain block is very sensitive to z, meaning that even a limited number of T measurements from depths !200 m in the mountain block would be of great value in evaluating the likelihood of large z cases. Using a fully coupled heat and fluid transport code along with T profiles from wells in the principal aquifer (instead of just single flow-weighted T measurements from each well) might also significantly improve derived constraints on MBR. Transient flow modeling that utilizes seasonal head data from observation wells located adjacent to the mountain front would allow further evaluation of the seasonality of MBR and the likelihood of the smaller z cases. Finally, if run times were reduced with a more efficient code and/or a more powerful processor, a formal inverse method could be used for model calibration to rigorously derive a best fit MBR rate and its uncertainty.
Conclusions
[58] The MBR limits derived in this study support the hypothesis that MBR to intermountain basins can be significant, on the scale of 10 4 to 10 5 m 3 d À1 (10 4 to 10 5 acrefeet yr
À1
). We estimate that MBR to the southeastern Salt Lake Valley is 5.5 Â 10 4 to 12.6 Â 10 4 m 3 d
. This range constitutes a 70% reduction in the range of possible MBR rates based on previous studies, suggesting that the tracerbased approach presented here holds considerable promise in the effort to improve constraints on MBR. Limits on important characteristics of the mountain aquifer were also derived, including recharge rate (0.46 Â 10 À3 to 2.11 Â 10 À3 m d À1 ), hydraulic conductivity (1.37 Â 10 À2 to 17.00 Â 10 À2 m d
), and effective porosity (0.001 to 0.09). The thickness of the mountain aquifer (mountain circulation depth) was not successfully constrained, but probably could be with some method improvements. 
